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Chapter 1

Introduction
Towards the end of the 20th century, nearly a century after its discovery, the stratosphere is
recognised as an important component of the Earth’s climate (Baldwin et al., 2007), and its dynamics
are important for tropospheric weather forecast (Gerber et al., 2012). The most notable example of the
latter is the break-up of the polar vortex, affecting surface weather, with the cold winter of 2013–2014
in the United States of America as an example. Extreme snow fall and its consequences resulted in
an estimated 5 billion dollar damage in the United States alone (Cost of the cold: ’polar vortex’ spell
cost US economy $5bn 2014). Extreme weather events like this are projected to become more frequent
in a changing climate (J. Cohen et al., 2014). In their review, Baldwin et al., 2007, also touched on
the importance of greenhouse gas concentrations in the stratosphere. The distributions of a couple
trace gas species control the radiative properties of the atmosphere. Two important greenhouse gases
emitted by humans that have profound effects in the stratosphere are carbon dioxide, CO2, and
methane, CH4. Increasing CO2 concentrations in the stratosphere tends to have a cooling effect,
which affects ozone, O3, chemistry. Like CO2, CH4 is important because its interaction with infrared
radiation. Unlike CO2, CH4 is also chemically active in the stratosphere. Photochemical destruction
results in additional amounts of water vapour (Frank et al., 2018), which is an important greenhouse
gas, and provides an important catalytic loss cycle of O3. Methane oxidation in the stratosphere
was detailed by Texier et al., 1988. In the reaction chain in which CH4 is turned into CO2, carbon
monoxide or CO is the most long-lived. Due to its long lifetime, CO can be used as a tracer for
transport (Hoor et al., 2004). Its reaction with the most important oxidising agent, the hydroxyl
radical or OH, is a fast reaction, and thus CO is the major sink of OH.
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A detailed account of the stratospheric distribution of the isotopic composition of
CH4 was presented by Röckmann et al., 2011. Fractionation compared to tropospheric
values occurs due to the chemical sink in the stratosphere. The reaction of CH4 with
chlorine, Cl, exhibits large fractionation upon isotopic substitution of 13C (Saueressig
et al., 1995) compared to the abundant 12C, an effect that was measurable in the
resulting CO (C. A. Brenninkmeijer et al., 1996; Müller et al., 1996). Measurements
of the stable isotope composition in CO can be used to trace these reactions, but are
currently limited to the lowermost stratosphere only, and the vertical and horizontal
structure in its distribution are largely unknown. The amount of sample required to do
accurate measurements on stratospheric CO and its stable isotope composition is large,
due to the very low abundance of CO in the stratosphere (C. A. M. Brenninkmeijer et
al., 1995; C. A. M. Brenninkmeijer, 1993; S. Gromov and C. A. Brenninkmeijer, 2015;
C. Stevens and Krout, 1972). Advancements in analytical techniques have reduced the
required amount of air for accurate determination. However, the available air sampling
techniques remain a bottleneck, failing to provide air samples on a regular basis.
This dissertation focusses on the stable isotope budget of CO in stratospheric air.
In order to do so, a new sampling technique will be developed and regular campaigns
aim to obtain to collect samples for analysis of the stable isotope ratios in CO. The
aim of this introductory chapter is two-fold, in part outlining the motivation for this
dissertation, in part providing the essential tools necessary to understand the motivation and the remaining chapters of this dissertation. In Section 1.1 a brief account of
stratospheric research, the dynamics, and chemistry is given. This is followed by some
aspects of atmospheric chemistry relevant to CO in Section 1.2. In Section 1.3 an introduction to stable isotope physics is given to introduce the required nomenclature and
measurement techniques. This is followed by a summary of atmospheric CO isotope
measurements in Section 1.4. These sections provide relevant background information
in order to arrive at the thesis statements, presented in Section 1.5. Concluding this
chapter is a small overview of the remainder of this dissertation.

1.1
1.1.1

Stratosphere
Definition, a historical perspective

The stratosphere was first recognised, independently, by the French meteorologist Léon
Philippe Teisserenc de Bort and the German Richard Assmann around 1902. Léon
conducted over 200 balloon launches, mostly at night to avoid a bias in the measured
temperature due to solar heating. He found that around 11 km the steady temperature
decrease with altitude stops. The lapse rate becomes negative, Γ ≤ 0 K km−1 , and
a very stable stratified layer of air is found above the largely unstable troposphere.
The temperature increase was later explained by the absorption of solar radiation,
with a wavelength λ < 310 nm, by the ozone layer. This was hypothesised in order to
explain the observed discrepancy between the solar spectrum and the theoretical black
body radiation expected from the sun. The spectrum of the missing solar radiation
was matched to the absorption spectrum of ozone. The presence of ozone in the
atmosphere was later confirmed by Charles Fabry (known for co-inventing the FabryPérot interferometer with Alfred Pérot) and Henri Buisson.
Brewer, 1949; Dobson, 1956; Dobson et al., 1926, discovered, the existence of a
2
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global circulation in the stratosphere, now referred to as the Brewer-Dobson circulation,
abbreviated with BDC. A global circulation was necessary in order to explain the
observed distributions of ozone and water vapour in the stratosphere. The theoretical
framework that predict such a circulation was developed in the years that followed (see
e.g. Butchart, 2014; Plumb, 2002, for reviews). The essence is depicted in Figure 1.1.
In general, tropospheric air enters the stratosphere near the tropical tropopause where
large scale ascent occurs. Air is transported polarward, where it descends again. The
tropical ascent of air is analytically conceptualised in the tropical pipe model (Plumb,
1996), or the leaky tropical pipe model (Neu and Plumb, 1999), where a narrow latitude
band at the equator acts as a chimney. Vertical transport is slow, with a mean vertical
velocity of w = 0.3 mm s−1 (Hall and D. Waugh, 1997), and hence photochemical
processes are dominant (Plumb, 2002). Outside this tropical pipe transport is towards
the poles in both hemispheres. Planetary scale Rossby waves break in the stratosphere,
and stir the stratosphere horizontally. This region, stretching from the tropics to the
high latitudes in the winter hemisphere, is therefore dubbed the surf zone. Horizontal
mixing is fast, it takes 45–60 d to mix air over 4000–5000 km (Plumb, 2007). Thus
mixing becomes important in order to describe the observed distributions of tracers.
Near the poles, large scale decent occurs. Like the tropical pipe, the air above the
poles is essentially isolated from the mid-latitude surf zone. This region is known as
the polar vortex, and only mild mixing of mid-latitude air and vortex air occurs (For
introductory texts on middle atmosphere dynamics see D. G. Andrews et al., 1987;
Polvani et al., 2010).
It is an experimental fact that long-lived trace compounds show compact relations
in the stratosphere. These relations are understood analytically as rapid mixing along
isentropic surfaces, which are surfaces with constant potential temperature (Plumb,
2007). This knowledge has been used to identify anomalies of the mean transport.
For example, using the NASA ER-2 aircraft in 1993 tracer-tracer correlations showed
mixing from polar vortex air into the mid-latitudes (D. W. Waugh et al., 1997). The
compact curves relate to the relative simple Brewer-Dobson circulation.
Vertical motion in the stratosphere is very slow, as mentioned above. It is thus
difficult to observe directly, for example by measuring vertical winds. A concept providing insight in the transport timescale, and one that can be related to observable
tracers, is the mean age of air (Hall and Plumb, 1994; Kida, 1983; D. Waugh, 2002).
The age of air in the stratosphere is the time it took for a hypothetical air parcel to
travel to the location of observation. These air parcels are never completely isolated.
For example, in the leaky tropical pipe model, there is some mixing of extra-tropical
stratospheric air into the tropical region, which will tend to increase the age of air.
Thus, there will exist an age spectrum rather than a single age of an air parcel, with an
associated mean. Measurements of trace gas mole fractions can give an estimate of the
mean age if it has no chemical sources and sinks. Furthermore, its tropospheric value
should be changing linearly in time, so that a phase lag between the concentration
can be observed, e.g. a mole fraction y in the stratosphere can be uniquely attributed
to a time t of in the troposphere. The computed age of air at 24 km in the tropics,
approximately 10 km above the tropopause, is roughly 1.5 years (Kida, 1983). This is
close, but not quite equal, to the age of air expected purely based on the vertical speed
w = 0.3 mm s−1 . Mean age of air measurements from CO2, N2O, and CH4 from NASA
ER-2 provide an age estimate of 1.0 y at 20 km. The age at this altitude increases
3
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Figure 1.1: Diagram showing the most important features of the global stratospheric circulation. Air enters the stratosphere in the tropics, and slowly moves upward as indicated by the
white arrows. The green bars indicate mixing barriers, and the thickness of the orange wiggly
arrows indicates the strength of the mixing. The part between 100–300 hPa in the extratropics
is often called the lowermost stratosphere. A solid blue line indicates the tropopause, the
mesosphere sits on top of the stratosphere, separated by the stratopause around 1 hPa which
corresponds to an altitude of 50 km. Figure is originally from Bönisch et al., 2011, and was
published under the CC BY 3.0 license https://creativecommons.org/licenses/by/3.0/.

both North of and South of the tropical pipe (A. E. Andrews, Boering, B. C. Daube,
et al., 2001). A. E. Andrews, Boering, Wofsy, et al., 2001 showed that observations of
the age spectrum indeed confirm the existence of a barrier between the extra tropical
and tropical stratosphere, in accordance with the leaky tropical pipe model.
A notable prediction following climate change is the increase in the speed of the
Brewer-Dobson circulation. Due to the vertical stability of air in the stratosphere, it
is very difficult to detect vertical transport, and as such, tracers are used. An increase
4
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in the Brewer-Dobson circulation is expected to result in a decrease in the mean age
of air. A mean age of air can be derived from several observable tracers like CO2 and
SF6. Engel et al., 2009; Engel et al., 2017, showed that such an increase is not yet
observed at mid-latitudes and as such an unresolved discrepancy between model, i.e.
understanding, and observations remains. Below 500 K the mass flux appears to have
increased based on analysis of mixing correlations of N2O and O3 (Bönisch et al., 2011).
Consistent with the observations by Engel et al., 2009, and Bönisch et al., 2011, were
SF6 observations from the Michelson Interferometer for Passive Atmospheric Sounding
or MIPAS (Stiller et al., 2012).

1.1.2

Trace gas and tracers

In this work, the words “trace gas” and “tracers” are referred to, often seemingly, as
interchangeable entities. They are, however, conceptually different. A trace gas, or
more generally a trace element, is present in very small quantities in the bulk material.
This can be certain minerals in a rock, or a gaseous substance in air, for example CO2.
The exact threshold may be dependent on the field. In geochemistry, the abundance
should be less than 0.1 %, or 1000 μmol mol−1 . Thus, a trace gas in air is any other
gas than N2, O2, and Ar. Those make up 99.9 % of the atmosphere, not including
water vapour. The amount of water vapour is variable, and depends largely on the
temperature of the air. The variable amount of water dilutes the air parcel, lowering
the mole fraction of other species. In order to compare measurements from different
locations and elevation, dry mole fractions are reported, i.e. corrected for the presence
of water vapour.
A tracer, on the other hand, is an abstract notion. It is a tag that is used to identify
a certain process. In experimental fluid dynamics, ink can be added to the fluid, in
order to study its transportation and mixing dynamics visibly. The emissions of a
trace gas into the atmosphere are non-uniform, and thus is the resulting distribution
of trace gas. Hence, the distribution of a trace gas typically varies in space and
time. Observations of trace gases can be used as a tracer for the emission, chemical,
and transport processes. Since stable isotopes of the same element put a measurable
label on a molecule, and different emission sources carry a distinct isotope signature,
studying the isotope composition of materials can provide a very powerful tool for
tracing the origin of a compound.

1.1.3

Stratospheric trace gas observations

Detecting change in stratospheric dynamics is, as mentioned, a challenge. Towards
the end of the 19th century more was known about radioactivity than about the
stratosphere. The main reason is the fact that the stratosphere is not very accessible.
In situ measurements in the lower stratosphere can be performed by using several
airborne platforms. Balloons were the first to be utilised and to this day, they are
unmatched in terms of ease of use and altitude ceiling, going as high as 45 km, though
30 km is typical. These, however, have two limitations. First, they only provide insight
into the vertical structure of the atmosphere. Secondly, there is a certain weight limit,
which can be safely operated. The weight limit imposed, depends on the regulations
set by the local authorities. The use of aircraft overcomes the weight limitation and
5
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provides insight into the horizontal structure. Yet, even the most capable aircraft,
namely the NASA ER-2 and the M55 Geophysica, have an altitude ceiling of 21 km.
Both aircraft have their origins as “spy-aircraft” developed and flown during the Cold
War. This history still complicates the use of these aircraft for scientific purposes.
Finally, rockets can explore the atmosphere up into outer space, that is beyond the
Kármán line, the altitude of approximately 100 km, where the velocity of an aircraft
required to obtain enough lift, is higher than the orbital velocity.
In addition to the accessibility of the stratosphere, instruments have to be adapted
to meet high operational requirements. First, the analytical instruments should be able
to operate under low temperature and pressure conditions. Since batteries are heavy,
they have to have a low power consumption. Often, simple air sampling is preferred for
accurate measurements. Even though the act of measurement is not made in situ, this
is still referred to as in situ measurements. The measurement of short-lived species,
like the hydroxyl radical, is impossible on air samples, and have to be made in situ.
Contrary to in situ measurements, remote sensing can be done from satellite or
ground stations. Ground-based spectrometers do make observations of several trace
gases (Wunch et al., 2011). The first meteorological satellite was launched in 1960 and
was named TIROS 1 (Television Infrared Observation Satellite). A year prior to that,
infrared measurements by the Explorer VII were used for computation of the Earth’s
energy balance. Today, remote sensing from satellites provides data on cloud cover,
water content, total column measurements and vertical profiles of different trace gases,
aerosols, pressure, temperature, precipitation, and radiance (See Hoff and Christopher,
2009, for an overview until 2009). Remote sensing from space has the benefit of
providing measurements covering large areas, and depending on their orbit type, nearglobal coverage with high resolution can be achieved. For example TROPOMI, the
TROPOspheric Monitoring Instrument, achieves a resolution of 7 by 7 km (Veefkind
et al., 2012). Remote sensing techniques provide either total column measurement, e.g.
an estimate of the amount of molecules of a species in an entire vertical transect, or
a vertical profile, with more detail. Both remote sensing from space and ground level
suffer one drawback: accurate measurements require a calibration and validation if
they are to be used in inverse modelling of emissions or for general circulation and
climate model validation.
Abundances of trace gases can be measured using several analytical techniques.
Detection is possible using unique properties of the molecule of interest, and the
intensity at which it is measured is often proportional to its abundance. Widely
used today, are spectroscopic methods. These methods make use of the fact that
the rotational and vibrational modes of a molecule interact with light of specific
wavelengths. Molecules absorb and emit radiation corresponding to well-defined and
understood rules. A gas sample is illuminated with light that is resonant to one of
these modes. The amount of absorption that takes place can be compared to the
intensity of light without a sample, and from this, the abundances can be derived.

1.2

Some fundamentals of atmospheric chemistry
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1.2.1

The species continuity equation

The observed distributions of different compounds, and the change over time, is the
net result of transport, local production (chemical or by emission), and sinks. This
time evolution of the concentration of a trace gas is described by the species continuity
equation, i.e. the equation that describes the evolution of the number density n, as a
function of time and location or n(λ, ϕ, z, t), where the polar coordinates λ, ϕ, and
z indicate latitude, Longitude, and altitude. For CO the species continuity equation
can be written as follows (see e.g. Jacob, 1999, Chapter 5)
dn(CO)
= −∇ · (n(CO)u) + P − L,
dt

(1.1)

where −∇ · (n(CO)u) is the flux due to the local wind field, u. The term P stands for
the local production, and L for the local loss. The first term essentially captures the
transport of the species of interest, and the last two terms capture the local changes
due to the net results of chemical reactions and emissions. Finding an analytical
solution to Equation (1.1) appropriate to describe the distribution of a trace gas is
not possible. Instead, the evolution of a reactive species globally is usually computed
numerically, in 3-dimensional transport models. Only under very restrictive boundary
conditions is an analytical solution possible, and an adequate description of the time
evolution of the species number density.
In the Earth’s Atmosphere, CO has various sources and one atmospheric sink.
CO is emitted to the atmosphere from various surface sources. CO is a product of
incomplete combustion process. As such, wildfires emit significant amounts of CO.
In addition, various important human sources of CO are notably coal-fired power
plants, as well as other combustion processes using either fossil or other type of fuels.
The atmosphere contains three important in situ, sources. The most important is the
oxidation of CH4 by OH, O(1D), and Cl, which results in CO, the complete oxidation
chain leading to the formation of CO is shown in Figure 1.2 (Texier et al., 1988). CO
is the longest lived species in the oxidation chain of CH4, that ultimately leads to the
production of CO2. The three sink reactions of CH4 are,
CH4 + OH

CH3 + H2O,

(R1.1)

CH4 + Cl

CH3 + ClH,

(R1.2)

products,

(R1.3)

1

CH4 + O( D)

and of these Reactions R1.2 and R1.3 are not important in the troposphere, where
photochemical production of O(1D), oxygen in the energetically exited singlet state,
and Cl are insignificant. Reaction R1.3 has several dissociation channels,
CH4 + O(1D)

CH3 + OH,

(R1.4)

1

CH3O + H,

(R1.5)

1

CH2O + H2,

(R1.6)

CH4 + O( D)
CH4 + O( D)

about 20 % of the reaction of CH4 with O(1D) results in methoxide and a proton,
CH3O + H, and 5 % results in formaldehyde and hydrogen, CH2O + H2 (methanal,
also called formaldehyde, is also written as HCHO) in Reactions R1.5 and R1.6 and
the remaining 75 % produces methyl radical, CH3, and the hydroxyl radical, OH.
7
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Figure 1.2: The CH4 oxidation chain in detail. All reactions are fast in the sunlight stratosphere, except the reactions with CH4 and CO. Note that Reaction R1.5 is not this figure.
Original figure produced and discussed by Texier et al., 1988, reused here under the terms
of use of the Wiley Online Library. Copyright, 1988, belongs to the Royal Meteorological
Society.

The second chemical source is the photolysis of CO2 due to a photon of energy
E = hν,
CO2 + hν

CO + O,

(R1.7)

which occurs primarily in the mesosphere. The production rate of CO from Reaction R1.7 below 30 km altitude is very small (Minschwaner et al., 2010).
Several other chemical species, like ethane, C2H6, and ethyne, C2H2, are also an
atmospheric source of CO. These hydrocarbons, with more than one carbon atom,
are collectively known as Non-Methane Hydro Carbons (NMHCs). They have various
biogenic as well as human sources. Their total abundance in the atmosphere is a of
8
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the orther of nanomole per mole , which quickly drops to abundances lower than that
in the stratosphere (Scheeren et al., 2003).
The primary and effectively the only sink of CO is its reaction with the hydroxyl
radical,
CO + OH

CO2 + H,

(R1.8)

which is a fast reaction in the atmosphere. OH is also often referred to as the atmospheric cleansing agent, as it is the primary oxidising agent in the atmosphere. The
chemical part of the continuity equation can be written as follows,
P − L =jR1.7 n(CO2) + [kR1.1 n(OH) + kR1.2 n(Cl) + kR1.3 n(O(1D))]n(CH4)
− kR1.8 n(OH)n(CO),

(1.2)

here j is the photolysis frequency and k are the rate of the reaction with subscript
refereeing to the reaction number. These are obtained from laboratory experiments.
And a brief summary of physical kinetics is given in the next section. In Equation (1.2)
the NMHC source term is neglected.

1.2.2

The rate of chemical reactions

A brief overview of the relevant relations in chemical kinetics are given in this section.
A very accessible review is given in Jacob, 1999, Chapter 9. Reactions between two
compounds, like Reaction R1.1, are called bimolecular reactions. The rate at which a
reaction occurs can be modelled using the Arrhenius equation,



−Ea
k = A exp
,
kB T

(1.3)

where Ea is the activation energy of the reaction, A is constant specific to the reaction,
T the temperature in kelvin, and kB is the Boltzmann constant. Note that the argument of the exponent is often written by replacing kB with R = kB NA , the universal
gas constant. The Avogadro constant is typically absorbed numerically in the activation energy, in which case the unit of the activation energy is J mol−1 . This relation
is empirical, but theoretical derivation of a similar equation is achieved from first principles in collision theory or transition state theory. When two molecules collide their
energy has to be high enough, to brake the bonds between the individual constituents,
and form new bonds, and thus the chance that a reaction occurs reduces when Ea
increases. Naturally, when temperature increases, the kinetic energy is higher and thus
reactions tend to proceed faster. There are reactions, like the reaction between CH3
and O2, that do require a third body to carry away part of the energy for the product
compound to be stable. Such a reaction is called a termolecular reaction, and in the
atmosphere the third body is typically O2 or N2. In a low pressure environment, the
chances of the activated complex to collide with a third body to transfer the energy,
is smaller than at a higher pressure. The rate of such a reaction will depend on both
the pressure and temperature, often in complicated ways. Different models exist of
9
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which a frequently encountered model is,
k0 (T ) =

1

k∞ (T ) =
kratio =


k3rd =

k0 (T )n
fc
1 + kratio


l
300 K
k0300
,
T

m
300 300 K
k∞
,
T
k0 (T )n
,
k∞ (T )

1
1+(log10 (kratio )/N )2

(1.4)
(1.5)
(1.6)



,

(1.7)

300
, m,
where T is the temperature, n is the number density of air, in cm−3 . k0300 , l, k∞
N , and fc are obtained from experimental data. For a motivation of this model, see
e.g., Atkinson et al., 2006; Burkholder et al., 2019.
When a molecule absorbs a photon of sufficient energy, the molecule may disintegrate into other molecules. As such, the rate at which a photolysis occurs depends on
the number of photons with enough energy to break the bond between its atoms, the
probability of the absorption process to cause photolysis,
Z
j = σ(λ)Φ(λ)S(λ)dλ,
(1.8)

where σ is the absorption cross-section in cm2 , Φ is the quantum yield, i.e. the probability that absorption of a photon also results in the destruction of the molecule. S is
the actinic flux of photons in cm−2 s−1 nm−1 , i.e. the amount of available light at a
certain wavelength. S is thus a function of latitude, longitude, altitude and time, which
makes the evaluation of photolysis rates in the atmosphere very difficult. To obtain
the total photolysis frequency, Equation (1.8) is integrated over all wavelengths. The
evaluation of photolysis rates is numerically intensive, and therefore approximation is
made, see for example Landgraf and Crutzen, 1998.
The constants presented in this work are determined from experiment, typically
carried out in conditions representative of the atmosphere. Two evaluations of kinetic
data exist, one maintained by NASA’s Jet Propulsion Laboratory, JPL, and updated
regularly (Burkholder et al., 2019). The other is provided by the International Union
of Pure and Applied Chemistry, and is published as a special volume (Ammann et al.,
2013; Atkinson et al., 2004; Atkinson et al., 2007; Atkinson et al., 2006; Atkinson
et al., 2008; Cox et al., 2020; Crowley et al., 2010; Crowley et al., 2013; Mellouki et al.,
2020).

1.2.3

Chemical lifetime

In the absence of sources and with a single sink, Equation (1.2) is a linear differential
equation,
dn(CO)
= −kR1.8 n(OH)n(CO),
(1.9)
dt
and in the simple case that n(OH) is constant, the solution is simply:
n(CO, t) = n0 (CO) exp(−kR1.8 n(OH)t).
10
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The chemical lifetime of, in this case, CO is the characteristic time-scale against
removal by OH:
1
τ=
.
(1.11)
kR1.8 n(OH)
Thus, at time t = τ , the number density of CO has reduced to only 1/e ≈ 37 %
compared to the original number density. Since the primary physical properties that
determine the rate of a reaction are not constant in time and space, abundances
of radicals like OH vary, and so does the lifetime. It is therefore useful to use the
mean lifetime, where small-scale variations in time and space are averaged out. Then
the lifetime is a useful concept in determining the sink strength of species in the
atmosphere. Lifetimes add like parallel resistors to compute a total lifetime:
1
τTotal

=

X 1
,
τi
i

(1.12)

where i runs over all removal mechanisms.

1.2.4

Atmospheric budget of CO

Since the year 2000 the mean annual CO surface emissions are estimated to be about
1100 –1400 Tg a−1 and decreased somewhat compared to the century prior to that
(S. Gromov et al., 2017; Zheng et al., 2019). An additional 800–900 Tg a−1 is produced from CH4 and 300–600 Tg a−1 from NMHCs. These estimates were based on
atmospheric inversion studies. Zheng et al., 2019, extensively studied the negative
trend, showing a decline in the atmospheric burden, consistent with mole fraction
observations. They concluded that a decrease in wildfire and anthropogenic emissions
is larger than the increase of the in situ sources, most importantly the rising methane
concentrations. The total annual emissions correspond to roughly a 0.5 μmol mol−1 a−1
increase in the atmosphere annually, if it were not for the atmospheric sink reaction
of CO with OH. This sink is roughly equally large, considering that background levels
in the atmosphere are relatively constant at 50–200 nmol mol−1 .
The records of the two sites shown in Figure 1.3 show the agreement with the
budget described in the previous paragraph. A negative trend is shown for the Northern
Hemisphere, NH, the site at Mauna Loa. As explained by Zheng et al., 2019, this can
be attributed to reduced anthropogenic emissions in the NH. In both hemispheres,
a seasonal cycle is visible, related in part to reduced photochemical activity during
wintertime. In addition, the extra-tropical wildfire season peaks in late summer and
autumn, whereas the NH tropical dry season is dominant during winter. Since there
is no landmass in Southern Hemisphere, SH, high latitudes, the SH wildfire season
is dominated by savannah and grassland burning. Anthropogenic emissions occur
year-round and are predominantly combustion processes. The relative importance
of the emissions sources is asymmetrically distrusted on both hemispheres. Wildfire
emissions dominate the SH, where combustion processes dominate the NH (See e.g. S.
Gromov et al., 2017, Figure 1), which are also responsible for the significant difference
in background levels of carbon monoxide.
11
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Figure 1.3: Carbon monoxide record measured at Mouna Loa, black, and the South Pole, red.
The carbon monoxide levels are significantly lower at the South Pole compared to Mauna Loa.
In addition, there is a phase difference in the seasonal cycle, and also a notable difference in
amplitude. A decreasing trend may be identified from data at Mauna Loa but is not directly
eminent from the SH record at the South Pole. Data from Petron et al., 2019.

1.3

Introduction to stable isotope physics

Isotopes are elements with the same proton number, Z, that differ in their neutron
number, N , and thus they differ in their mass number A = N + Z. The occurrence of
stable isotopes is well understood from nuclear physics. The difference in mass results
in small differences in the energy levels of electrons, an effect called the isotope shift,
which affects the interaction of the atom or molecule with light.
The abundance of different isotopes of the same element is in general not equal.
Typically, the absolute abundance of a rare isotope is small compared to the regular
or abundant isotope. For example, in the solar system, about 1.1 % of the carbon
atoms is 13C, and the majority, 98.9 %, is 12C. On Earth, a very small amount of the
radioactive isotope 14C exists.

1.3.1

Definitions

Due to the difference in mass, isotopes of the same element behave slightly different, chemically and physically. Very small differences in their physical and chemical
behaviour are measurable. Moreover, this difference can be exploited as a tool to
trace certain processes. Typically, the rate at which a process occurs is different for
each isotope. This results in a partitioning, or isotope fractionation. The fractionation
12
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factor is defined for two different substances A and B as follows:
RB
α=
,
RA

(1.13)

where the isotope ratio, R, is defined as the ratio of the abundance of the rare isotope
over the abundance of the abundant isotope:
Ar

n(Ar X)
R = Aa ,
n( X)

(1.14)

here Aa is the mass number of the most abundant isotope of element X, and Ar is the
mass number of the rare isotope of element X. n denotes the amount of substance in
moles.
Thus, α, in Equation (1.13), is the change in relative abundances, and its value
is typically very close to one. It is convenient to express differences in the relative
isotope abundances because the variations are typically very small. As an example, the
fractionation during uptake of CO2 by plants, is α = 0.983. The relative abundance
of 13C in CO2 is 1.109 %, where that of the plant is 1.090. This is more conveniently
expressed using the fractionation constant as
ε = α − 1,

(1.15)

and expressed in per mille.
For practical purposes, the measured isotope ratio is compared to that of a standard,
rather than measuring the fractionation. That is, the fractionation using Isotope Ratio
Mass Spectrometry, IRMS see Section 1.3.2, is determined compared to a common
reference material; Its value is reported for convenience using the so called δ notation
or the relative isotope ratio:
δ(Ar X) =

Ar

Rsample

Ar R

− 1,

(1.16)

reference

In this work two commonly used reference scales are relevant. The first is that of Vienna
PeeDee Belemnite, owing to its name to the rock formation in South Carolina where it
originated, dating from the Late Cretaceous (Craig, 1957). Though the original calcium
carbonate specimen doesn’t exist any more, the standard is still used to compare the
relative abundances of carbon and oxygen in CO2. The second standard used in this
work, is the standard for the three stable isotopes of hydrogen and oxygen, and is
called Vienna Standard Mean Ocean Water. Its source is distilled ocean water from
the equator.
Additional nomenclature is needed for the isotopic composition of a compound,
like CO2 or CO. An isotopologue is a compound with the same elemental composition,
that differ in their isotope composition. 16O12C17O and 18O12C17O are both different
isotopologues of CO2. Isotopomers, on the other hand, are molecules that have the
same isotope composition, but the elements differ in their position, like 15N14NO and
14 15
N NO.

1.3.2

Isotope ratio mass spectrometry

Classically, stable isotope abundances are measured using isotope ratio mass spectrometry, IRMS, developed in the early 20th century. The molecules of interest are ionised,
13
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and directed into a magnetic field. The Lorentz force on the charged compound results
in a circular trajectory, with the radius of the circular trajectory proportional to the
mass of the compound. Detectors located on the trajectory specific to a mass-to-charge
ratio can now detect the ionised molecules as a current. Relative abundances can be
determined from the height of these currents. The Lorentz force is proportional to the
charge and the cross product of the particles velocity and the magnetic field:
F = qv × B

(1.17)

which will tend to change the trajectory of the particle. If v is chosen to be perpendicular to B it will move in a circular trajectory, and F is a centripetal force.
Equation (1.17) can then be equated as follows,
mv 2
= qvB
r

(1.18)

and solved for r, which is the radius of the circular trajectory resulting from the
centripetal force. Note that the magnitude of v does not change, and hence the energy
E = 12 mv 2 , in the absence of any other forces, remains the same, and no work is done
on the charged particle. Thus, the radius of the circular trajectory,
r=

mv
,
qB

(1.19)

is thus a function of, m, the mass of a particle only, if the magnetic field, charge
and velocity will remain constant. This can readily be achieved by controlling the
ionisation energy. Hence, singly ionised isotopes or ionised isotopologues, will differ
only in their mass, and thus the radius r for the heavier isotope is slightly larger. The
ions can be collected by placing Faraday cups (a conductive cup that catches charged
particles) in the trajectory of specific to one of the single isotopes or isotopologue. The
relative abundance can then be derived from the different currents measured from the
different Faraday cups.
Measurement of isotope ratios in CO can be done in two ways. The first method
is simply ionising CO and analyse for the masses 28–30 u (Tsunogai et al., 2002). The
second option is to extract the isotope information by chemical conversion, typically to
CO2. In this way, the second method benefits from a rich development history of IRMS
techniques dedicated to measuring stable isotopes in CO2, and is arguably the most
widely used technique (C. A. M. Brenninkmeijer, 1993; Mak et al., 2003; Pathirana
et al., 2015; Vimont et al., 2017; Wang and Mak, 2010). Spectroscopic methods, as
previously discussed for the detection of trace gas abundances, can also be applied
to measure stable isotope composition. However, this has not yet been achieved for
stable isotope measurements, but may be possible in the future.

1.3.3

Multiple isotopes and mass-independent fractionation

Many chemical elements have more than one isotope. For example, oxygen has three
isotopes, with masses 16, 17, and 18, as has carbon, with masses 12, 13, and 14, though
the latter is radioactive and exists in only very small quantities. As such, processes
that are dependent on the mass, are expected to result in relative isotope ratios that
14
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are related. This is called mass-dependent fractionation, MDF, and is defined as:
17

RB
=
17 R
A

 18

RB
18 R
A

λ
.

(1.20)

The exponent λ is in principle dependent on the reduced mass ratio, but also has a
temperature dependence, and may also depend on the type process. Theoretical bases
can be found in statistical thermodynamics (See e.g. Bigeleisen and Wolfsberg, 1957;
Matsuhisa et al., 1978; Mook, 2000; Richet et al., 1977; Urey, 1947). Observations of
δ(17O) and δ(18O) of meteoric were analysed and yielded a value of λ = 0.5281±0.0015
(Meijer and Li, 1998).
Departures from the above described relation is called mass-independent fractionation (See e.g. Thiemens, 2006, for a review.). A multitude of processes have been
identified that does not obey the mass-dependent relation, most notably the isotopic
composition of O3 with almost equal enrichment in both 18O and 17O in the atmosphere (Mauersberger et al., 2001). Mass-independent fractionation is defined as the
total deviation from Equation (1.23):


∆(17 O) = ln 1 + δ(17O) − 0.52 ln 1 + δ(18O) .
(1.21)
In other words, the amount of δ(17O) that cannot be explained by mass-dependent
fractionation. This is often approximated by using ln(1 + x) ≈ x for x << 1
∆(17 O) ≈ δ(17O) − 0.52 δ(18O).

(1.22)

Note however that at 100 ‰, not unusual when dealing with atmospheric ozone, the
approximation results in an error of ln(1 + x) − x = −4.68 ‰. Similarly, MDF is often
approximated by,
δ(17O) ≈ 0.52 δ(18O).
(1.23)

1.3.4

Isotope amount fraction and molecular abundances

Recently, spectroscopic methods have been developed that can measure stable isotopic
composition, directly on trace amounts of the gas of interest (Kerstel and Gianfrani,
2008). The advantage of such methods is that a full description of the isotopic labels
is possible. Different from IRMS techniques, spectroscopic methods typically measure
the absolute abundances of isotopologues.
For comparison of spectroscopic methods and IRMS measurements, as well as in
atmospheric modelling that deals with absolute abundances rather than relative, it
is convenient to have an expression to link the isotope ratio to the amount ratio and
isotope amount or mole fraction. The problem is as follows, given the isotope ratio R,
how many molecules of a substance will have one substituted isotope. This is illustrated
using CO2 as an example, see also Tans et al., 2017, for a detailed discussion and the
relation to calibration scales. The isotope amount fraction, x, of the minor isotope of
oxygen 18O where the right-hand side is obtained by making use of Equation (1.14):
18

x=

18
n(18O)
R
=
.
16
17
18
17
1 + R + 18 R
n( O) + n( O) + n( O)
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x is thus the relative amount of the oxygen atoms that has mass 18 u. A similar
expression can be obtained for carbon. The number density of CO2, is calculated from
the mole fraction of CO2 as:

1

n(CO2) = y(CO2)nair ,

(1.25)

The minor isotopologue of carbon dioxide carrying the substituted oxygen isotope
with mass 18 u is 18O12C16O, and the amount fraction is:
x

18


O12C16O = 216 x12 x18 x =

218 R
(1 + 13 R)(1 + 17 R + 18 R)

2,

(1.26)

where the factor 2 is to account for symmetry, i.e. 16 x12 x18 x =18 x12 x16 x. And thus
the number density will be:


n 18O12C16O = n(CO2)x 18O12C16O .
(1.27)
So in principle, the mole fraction and the isotope ratio of each minor isotope completely
describe the elemental composition and abundances of a molecule. Using these relations,
it is easy to compute number densities from mole fractions and isotope enrichment, also
for the minor isotopologues. This is necessary for e.g. the species continuity equation.

1.3.5

Fractionation in chemical reactions

The rate of a chemical reaction, phase change, or a change of reservoir where the
chemical element of interest goes from A → B, is often different for different isotopes
of that element. Again, for more detailed accounts and derivation see e.g. Bigeleisen
and Wolfsberg, 1957; Matsuhisa et al., 1978; Mook, 2000; Richet et al., 1977; Urey,
1947. Here the basic definitions are presented. As was introduced earlier, the isotope
differentiation or fractionation is mathematically expressed by the fractionation factor
α as in Equation (1.13), which is the ratio of RB over RA . The fractionation factor can
be alternatively written as the rate of the chemical reaction for the minor isotopologue
over the major isotopologue.
kr
α= .
(1.28)
ka
When α < 1, A will be enriched compared to B. Vice versa, When α > 1, B will be
enriched compared to A. Typically, α is very close to one. Recalling the definition of
enrichment, Equation (1.15), this can also be applied to the fractionation in a reaction.
Negative ε means A is enriched compared to the reaction product B. This is referred
to as normal fractionation. Positive ε means B is enriched compared to its source A.
This is often referred to as inverse fractionation.
Often the fractionation factor is unknown. In such a case,
r
µmajor
α=
,
(1.29)
µminor
is sometimes used as a first approximation (Zahn et al., 2006). Here µ is the reduced
mass of reactants, sometimes also called the reaction coordinate, to account for the
different collision frequency, of isotopologues with a different mass.
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In cases, the fractionation factor exhibits a temperature dependence which can be
described with an Arrhenius like expression, as in Equation (1.3)


E
α = A exp −
,
(1.30)
T
Photolysis in the Earth’s atmosphere is not necessarily a mass-dependent fractionation process. First, photolysis is in part dependent on the spectrum of available
light, the actinic flux S, Equation (1.8), which is typically non-uniform. Then the
cross-section determines of the specific isotopologue interacts with the available light
at a certain wavelength. For example, J. A. Schmidt et al., 2013, showed that theoretically the photolysis of CO2 fractionates mass-independently for certain wavelengths
only. Huang et al., 2019, concluded that the photolysis sink of O3 also has a massindependent feature at certain wavelengths. If these wavelengths are absent in the
broadband spectrum, no mass-independent fractionation will occur.

1.4

Source signatures of CO

In Section 1.2.4 a brief account was presented of the carbon monoxide budget in the
atmosphere. Some inversions made to estimate the fluxes of CO, like Bergamaschi
et al., 2000; S. Gromov et al., 2017, made use of the stable isotope composition, typical
to each emission source, to constrain these fluxes. Such a typical isotopic composition
is called a source signature, and this can be used as a tracer for a certain emission
process. In the past, several source signatures have been identified, summarised in
Table 1.2. This table was initially presented in a review by C. Brenninkmeijer et al.,
1999, and some additional progress has been made since, which is summarised in the
introduction of Vimont et al., 2019.
Several of the source signatures are determined from laboratory experiments. Extensive studies by Kato, Akimoto, Bräunlich, et al., 1999; Naus et al., 2018; Tsunogai
et al., 2003, measured the emission signature from vehicles. Kato, Akimoto, Röckmann,
et al., 1999; Saurer et al., 2009, provided the signature range from biomass burning,
from controlled fires, sampling the smoke directly. Oxygen source signatures for the
reactions of NMHCs with O3 were studied by Röckmann, C. A. M. Brenninkmeijer,
Neeb, et al., 1998, though this was later found to have a very small contribution to the
atmospheric budget (Huff and Thiemens, 1998; Röckmann, C. A. M. Brenninkmeijer,
Saueressig, et al., 1998).
Extensive studies on atmospheric measurements have been performed to understand the CO budget and the characterisation of pollution plumes. Most of the observations have been summarised in Chapter 4 of S. S. Gromov, 2013. Initial was
performed by C. Stevens and Krout, 1972; C. M. Stevens et al., 1972, monitoring
atmospheric CO and its isotope composition for several years, showing estimates of
wildfires, CH4 oxidation, and fossil fuel combustion. Bergamaschi et al., 2001; Gros
et al., 2001; Kato et al., 2000; Mak and C. A. Brenninkmeijer, 1998; Mak and Kra,
1999; Mak et al., 2003; Park et al., 2015; Vimont et al., 2017; Vimont et al., 2019 have
presented records from sampling stations, and used these to constrain the CO budgets
and source signatures. Additional campaign based measurements were performed by
Bergamaschi et al., 1998; Röckmann et al., 1999; Tarasova et al., 2007, presenting
17
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measurements on samples collected on the trans-Siberian railroad expedition. Bergamaschi et al., 2001, used shipboard measurements elaborating on the zonal structure
of CO, CH4, and their isotopic composition. Popa et al., 2014, measured car exhaust
from a tunnel study, showing the average fleet emissions in the atmosphere. Work by
Gros et al., 2002; Kato, Akimoto, Bräunlich, et al., 1999, presented smaller studies,
identifying the main sources of pollution, utilising stable isotopic information. Wang
et al., 2012, presented the first data from ice cores.
C. M. Stevens et al., 1980, Smit et al., 1982, and Röckmann, C. A. M. Brenninkmeijer, Saueressig, et al., 1998, studied the reaction rates of the isotopologues of CO with
the OH. The fractionation that occurs, primarily depends on pressure. Bergamaschi
et al., 2000, performed a fit to the data from Röckmann, C. A. M. Brenninkmeijer,
Saueressig, et al., 1998, and C. M. Stevens and Wagner, 1989, of the form,

α(p) = (a + bp + cp2 + 1)−1 ,
(1.31)
An inverse effect was found for 18O at atmospheric pressures, depleting CO in 18O.
C gets more enriched for pressure ≥ 330 hPa due the sink reaction, and the isotope
effect changes from normal to inverse at p = 330 hPa and lower. The sink reaction
thus depletes CO in 13C in the stratosphere. S. S. Gromov, 2013, re-evaluated the
data and used a different model for the available data using a parametrisation using
both pressure and temperature. It is important to note, that no data exist for a pressure lower 200 hPa, and any middle atmospheric application of these models relies
on extrapolation of the existing observations. The constants used to evaluate Equation (1.31) for δ(13C) and δ(18O) can be found in Table 4.1. No direct measurements
of the oxygen isotope effects of CH4 oxidation have been made. The carbon isotope
effects are derived based on the sink kinetic isotope effects in Reactions R1.1 to R1.3.
Several experimental studies were performed to quantify the carbon isotope effect of
the different CH4 sinks, and presented in Table 1.1 (Cantrell et al., 1990; Saueressig
et al., 1995; Saueressig et al., 2001). The isotope signature in CO is then inferred
under the assumptions that 1) all lost CH4 will produce CO and 2) the limiting rate
is the sink Reaction R1.8. A Model computation by Müller et al., 1996, showed that
in the lower stratosphere kinetic isotope effects of intermediate reactions can be safely
neglected, and the values presented here have been used with success in modelling
simulations (S. Gromov et al., 2010).
Computations of the kinetic isotope effect in the reaction of CH3 with O2 show
that methylperoxy should be enriched compared to molecular oxygen (Weston, 2001).
On the other hand, budget computation using atmospheric observations suggests the
opposite for the final produced CO (C. A. M. Brenninkmeijer and Röckmann, 1997).
The value of the oxygen enrichment of CO from CH3 with O2 remains subjected to
large uncertainty and is unknown today. Table 1.2 shows the estimate that currently
provides the best fit to the observations.
In addition to the δ(13C) and δ(18O) enrichment discussed in previous paragraphs,
it was found that tropospheric CO is mass-independently fractionated. Two notable
surface sources have been found. First, the reactions of several NMHCs with ozone
were found to produce MIF in the resulting CO (Röckmann, C. A. M. Brenninkmeijer,
Neeb, et al., 1998). This could however not been reconciled with tropospheric budget
(Huff and Thiemens, 1998). It was shown that MIF is produced in the sink reaction
of CO with OH (Röckmann, C. A. M. Brenninkmeijer, Saueressig, et al., 1998). A
13
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Table 1.1: Fractionation factors for methane oxidation δ(13C). Fractionation factors are
determined from laboratory experiments (Saueressig et al., 1995; Saueressig et al., 2001). The
temperature dependence of the fractionation factor can be calculated with Equation (1.30).
Reaction

α (298 K)

A

E/K

Reaction R1.1
Reaction R1.2
Reaction R1.3

0.996
0.938
0.987

0.959
-

6.455
-

1

Table 1.2: Four main sources of CO, and their isotopic source signatures. a (C. M. Stevens
et al., 1972), b (C. A. M. Brenninkmeijer, 1993), c (C. M. Stevens and Wagner, 1989),
d
(Bergamaschi et al., 1998), e (Saurer et al., 2009), f (Manning et al., 1997), g (C. A. M. Brenninkmeijer and Röckmann, 1997), and h (Vimont et al., 2019). Table based on the most recent
compilation of source signatures by Vimont et al., 2019. δ(13 C) values are relative to VPDB
and δ(18 O) are relative to VSMOW.
Source
combustiona,b

Fossil fuel
Wildfiresc,d,e,f
CH4 oxidationf,g
NMHC oxidationc,g,h

δ(13 C)/ ‰

u/ ‰

δ(18 O)/ ‰

u/ ‰

−27.5
−12–−25
−52.6
−32

≤1
1–3
1–3
1–3

23.5
10–18
0
0–4

≤1
1–3
>3
>3

calculation shows that MIF has a significant effect on the reported δ(13C) value
(Röckmann and C. A. M. Brenninkmeijer, 1998) and that in principle all observations
should be corrected. Finally, CO2 photolysis appears to have a wavelength-dependent
fractionation, resulting in MIF (Mahata and S. Bhattacharya, 2009; J. A. Schmidt et
al., 2013), but appears to produce no significant MIF in broadband lamp simulations in
150–210 nm. However, it remains ambiguous what the resulting effect on CO is, as no
computation or measurement has been done, that evaluates Equation (1.8) applicable
to the atmosphere.

1.4.1

A NH atmospheric perspective

Records of stable isotopes of several NH measurement sites were presented by Mak et
al., 2003, and are shown here as an example Figure 1.4. The mole fractions show similar
features as Figure 1.3, and also the stable isotope records show similarities. In summer,
most photochemical activity occurs due to the available sunlight, which is responsible
for the decrease in δ(18O) in summer. They also show why NMHC oxidation by ozone
is not significant, as this would peak during summer and more enriched values should
be observed. The decrease in δ(13C) mostly visible at Barbados, BDOS, is due to
an increase in the relative importance of CH4. The high mole fractions observed at
Montauk Point in winter are the result of fossil fuel combustion, also indicated by high
δ(18O) values.

1.4.2

CO in the stratosphere

In the more remote atmosphere, in situ mole fraction measurements of CO have shown
to be a useful tracer. Several aircraft campaigns have used CO observations to estimate
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Figure 1.4: Stable isotope records of CO mole fractions, and CO stable isotope enrichment.
MTK is Montauk point, SPZ is Spitsbergen, IZ is Izana and BDOS is Barbados. The unmodified figure, reused with permission from the American Geophysical Union as per their
permission policy, was originally presented by Mak et al., 2003, Copyright 2003 by the American Geophysical Union.

stratosphere-troposphere exchange in the extratropics (Hoor et al., 2004). Flocke et al.,
1999, used aircraft measurements to determine the entrainment rate of extra-tropical air
into the tropical pipe. Measurements from a tunable diode laser (Moreau et al., 2005),
identified mesospheric air inside the polar vortex (Engel et al., 2006) in combination
with the mean age derived from SF6 and CO2. Furthermore, data provided by these
instruments are used to validate remote sensing from satellite retrievals (Clerbaux
et al., 2008). Several remote sensing techniques do regularly measure CO. ACE-FTS
and MLS, Microwave Limb Sounder, provide profiles (Clerbaux et al., 2008; Livesey
et al., 2008), whereas SCIAMACHY (SCanning Imaging Absorption specroMeter for
Atmospheric CHartographY) provides total column measurements (de Laat et al.,
2006).
Only very few aircraft measurements of stratospheric CO have been made. The
20
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early observations required very large samples, up to 600 l, to obtain enough CO
and these could only be obtained by heavy equipment aboard aircraft. C. A. M.
Brenninkmeijer et al., 1995, reported upper troposphere/lower stratosphere UTLS
observations of CO isotopes, also including 14CO. From measurements obtained from
additional campaigns, C. A. Brenninkmeijer et al., 1996, showed high depletion in
13
CO which was linked to Reaction R1.2 (Müller et al., 1996). S. Gromov and C. A.
Brenninkmeijer, 2015, reported a substantial amount of measurements performed on
samples obtained in the UTLS using commercial aircraft, which however, suffered from
contamination. The contamination was attributed to ozone reactions with organic
material during sampling, and a correction was applied. The ACE-FTS, Atmospheric
Chemistry Experiment-Fourier Transform Spectrometer, a space based spectrometer
has also been used to quantify CO stable isotopes (Beale et al., 2016). Yet, no in
situ observations of stable isotopes in CO have been made in the stratosphere since
2002, and no calibration and validation was possible. Additionally, (Buzan et al.,
2016) report the CH3D and 13CH4 measurements from ACE-FTS, and additionally
O3 isotopologues from ACE-FTS were presented (Fernando et al., 2019).
The budget of CO in the stratosphere is relatively simple. Equation (1.2) summarises the main components as shown by Minschwaner et al., 2010, who evaluated
the production and loss lifetimes of CO in the stratosphere based on satellite observations made by the Microwave Limb Sounder and the Atmospheric Experiment Fourier
Transform Spectrometer, between 0.02 ≤ pa ≤ 10. It was concluded that in situ CO2
photolysis is a negligible source in the middle stratosphere, and may only become
important in the upper stratosphere and mesosphere. Furthermore, it was shown that
the loss lifetime is shorter than the typical production lifetime from CH4, and that
thus the CO sink dominates.
Hence, in the stratosphere CO primarily produced by CH4 oxidation. Currently,
the loss of CH4 is estimated to be responsible for 10 % of the total CH4 sink in
the atmosphere, but this is subjected to large uncertainties (Kirschke et al., 2013;
Saunois et al., 2016; Van Amstel, 2012). This is the primary in situ source of hydrogen
in the stratosphere (Frank et al., 2018; Texier et al., 1988). The key reactions are
Reactions R1.1 to R1.3. Intermediate molecules formed, e.g. the methyldioxy radical,
CH3O2, the methoxy radical CH3O, and formaldehyde CH2O, are all short-lived. CO
is the most stable intermediate compound in the stratosphere, together with the very
distinct fractionation in the different sink in CH4, this makes CO and its stable isotopes
a promising tracer for the CH4 sink.
In situ production aside, CO is transported into the stratosphere, both from the
tropical troposphere and the mesosphere. Schoeberl et al., 2006, reported a so-called
tape recorder visible in carbon monoxide mole fractions. The wildfire seasons in the
tropics result in seasonal variations in tropical tropopause CO mole fractions. Transport across the tropical tropopause than acts like a tape recorder, and the temporal
oscillations are recorded in stratified stratosphere. In addition, measurements of CO
and δ(13C) from ACE-FTS showed that CO2 photolysis is transported downwards
from the mesosphere, leading to highly depleted CO near the polar vortex, of which
the general features are also correctly reproduced in simulations with the Whole Atmosphere Community Climate Model, WACCM (Beale et al., 2016). Engel et al., 2006
showed that such events can be quite persistent over several months. In the lowermost
stratosphere, tropical tropospheric air enters via stratosphere-troposphere exchange,
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resulting in significant amounts of CO, and thus air of non-stratospheric origin (Hoor
et al., 2005; Hoor et al., 2004).

1

1.5

Thesis statement and outline

The preceding paragraphs aimed to introduce the stratosphere as a key component
of atmospheric circulation. The outstanding question is how the stratosphere is going
to change in response to climate change. Subsequently, trace gas observations have
been introduced as a possibility to monitor changes in the general circulation. The
greenhouse gas CH4 is destroyed in the stratosphere and an important precursor of
stratospheric water vapour. CH4 is fractionated differently by the different sinks, and
this is reflected locally in the isotopic composition of CO. The uncertainties in the CO
isotope budget and source signatures have been discussed. Currently, in situ observations of stratospheric CO isotopes are only made in the lower part. This dissertation
aims to investigate the stable isotope budget of the stratosphere and the potential
of the stable isotopic composition measurements to constrain the stratospheric CH4
sink.
In order to obtain air samples from the stratosphere of sufficient sample size,
Chapter 2 substantiates the development of a new Lightweight Stratospheric Air
sampler or the LISA sampler. The goal was to obtain a lightweight sampling instrument,
which is easy to operate. The accuracy of mole fraction measurements of the trace gases
CO, CO2, and CH4 is determined. To see if the sampler achieves bias-free sampling,
the LISA sampler is evaluated against another novel method, AirCore, of which the
details are discussed in the same chapter. Also, the sample size and vertical resolution
are discussed in order to assess whether sufficient air is obtained for stable isotope
analysis.
The sampler is used to obtain measurements of stratospheric CO and stable isotopes
of CO. In order to understand the budget of CO and stable isotopes, simulations are
performed using a state-of-the-art general circulation model. It was shown that key
source signatures of CO are still unknown, complicating the direct simulation of the
stable isotope composition. Instead of direct modelling of the isotopic composition, a
chemical tagging scheme provides information on the different pathways of the elements
carbon and oxygen into CO (S. Gromov et al., 2010). However, before discussing the
stable isotope observations, the simulation results are evaluated in Chapter 3. The
validation of the model results is essential in order to derive conclusions from these
results. Therefore, Chapter 3 evaluates the trace gas profiles of CH4, CO2, CO, and
N2O of the simulations using nine profiles obtained with the newly developed sampler.
In this comparison, the results of the European Centre for Medium-range Weather
Forecasts, ECMWF, operational reanalysis for atmospheric composition are included
as well.
Then the stratospheric stable isotope observations are introduced in two chapters.
Chapter 4 discusses observations made with the LISA sampler in the lowermost stratosphere. An unusual CO enhancement was observed, which was likely of tropospheric
origin. The stable isotope composition is used as a tracer to identify the origin of a
CO enhancement, making use of the known source signatures presented in Table 1.2.
Aided by back trajectory modelling, the origin of the CO enhancement is determined.
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Other than in the lowermost stratosphere, very little is known about the stable
isotope composition of CO in the stratosphere, of which many aspects were discussed
in Section 1.3. Chapter 5 shows the first high altitude in situ measurements of CO
stable isotopes, measured using the IRMS technique on samples obtained by the LISA
sampler. Using model results, the stable isotope measurements are used to obtain
observational constraints on several unknown source signatures in the stratospheric
sink of CH4. The implications of the stable isotope budget on stratospheric chemistry
and transport are discussed.
In Chapter 6 the combined results are discussed and interpreted in a broader
context, and a reflection is given on the topics discussed in this introductory chapter.
The most important findings from the preceding Chapters 2 to 5 are summarised, and
the implications of the observations on transport and chemistry are highlighted. In
addition, the remaining outstanding questions are summarised and provide directions
for future research, and the potential for stable isotope measurements of CO.
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